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maintain the balance between two hemispheres: the ocean 
in the Northern Hemisphere is colder than that in the 
Southern Hemisphere due to much reduced northward heat 
transports cross the Equator in the Atlantic, therefore, the 
atmosphere responds to the ocean with temperature colder 
in the Southern Hemisphere than in the Northern Hemi-
sphere by transporting more heat northward cross the equa-
tor over the Pacific, in association with a southward shift of 
the intertropical convergence zone.
Keywords Coupled climate model · Atmospheric heat 
transport · Oceanic heat transport · Hadley cell · Atlantic 
meridional overturning circulation · Bjerknes compensation
1 Introduction
Assessing the meridional heat transport (MHT) and its oce-
anic and atmospheric partition is a classical question of the 
climate research (Carissimo et al. 1985; Vallis and Farneti 
2009). As early as in 1970s, Vonder Haar and Oort (1973) 
have estimated the MHT using the satellite observation of 
radiative fluxes. One robust feature of the total MHT is 
that the Earth system is maintained by a hemispherically 
antisymmetric poleward heat transport with a peak value 
of about 5.5 PW (1 PW = 1015 W) at 35°N/S (e.g., Tren-
berth and Caron 2001). Another robust picture of the MHT 
is that the atmospheric heat transport (AHT) dominates 
poleward of about 30°N/S while the oceanic heat trans-
port (OHT) dominates in the deep tropic (Held 2001; 
Wunsch 2005; Czaja and Marshall ). However, there is a 
highly debatable question on the relationship between the 
changes in the AHT and OHT. Bjerknes (1964) first sug-
gested that if the top of atmosphere (TOA) fluxes and the 
oceanic heat storage did not vary too much, the total energy 
Abstract The effect of the ocean surface winds on the 
meridional heat transports is studied in a coupled model. 
Shutting down the global surface winds causes significant 
reductions in both wind-driven and thermohaline ocean 
circulations, resulting in a remarkable decrease in the pole-
ward oceanic heat transport (OHT). The sea surface tem-
perature responds with significant warming in the equator 
and cooling off the equator, causing an enhancement and 
equatorward shift in the Hadley cell. This increases the 
poleward atmospheric heat transport (AHT), which in turn 
compensates the decrease in the OHT. This compensation 
implies a fundamental constraint in changes of ocean–
atmosphere energy transports. Several other compensation 
changes are also identified. For the OHT components, the 
changes in the Eulerian mean and bolus OHT are com-
pensated with each other in the Southern Ocean, since a 
stronger wind driven Ekman transport is associated with 
a stronger meridional density gradient (stronger bolus cir-
culation) and vice versa. For the AHT components, the 
changes in the dry static energy (DSE) and latent energy 
transports are compensated within the tropics (30°N/S), 
because a stronger Hadley cell causes a stronger equa-
torward convergence of moisture. In the extratropics, the 
changes in the mean and eddy DSE transports show perfect 
compensation, as a result of the equatorward shift of the 
Ferrell Cell and enhancement of atmospheric baroclinicity 
in mid-high latitudes, particularly over the North Atlantic. 
This work also shows how the Earth’s climate is trying to 
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transport in the climate system would not vary too much 
either. This implies that any large variations of oceanic and 
atmospheric energy transports should be equal and oppo-
site. This simple scenario has become known as Bjerknes 
compensation (BC). It would be a critical constraint that 
might reduce the degree of freedom or uncertainty of the 
climate system. Previous studies have shown the BC is 
highly dependent on the timescale, latitudes as well as the 
models (Shaffrey and Sutton 2006; Vellinga and Wu 2008; 
Farneti and Vallis 2013).
The relationship between the changes in the AHT and 
OHT has been studied broadly. It has been examined in 
the frame of internal climate variability (Shaffrey and Sut-
ton 2006; Swaluw et al. 2007; Farneti and Vallis 2013), or 
under significant external forcings (Zhang and Delworth 
2005; Cheng et al. 2007; Vellinga and Wu 2008; Laurian 
et al. 2009; Drijfhout 2010; Zhang et al. 2010). Both sce-
narios show the robust feature of the BC in the changes of 
MHT. However, the compensation “structure” and mecha-
nisms in these two scenarios are radically different. The 
former (latter) suggests that the BC is valid in the high 
(low) latitudes. Even in the latter scenario, although the 
responses of the atmosphere and ocean circulations as well 
as their thermal structures are more or less the same in the 
water hosing experiments of different models, the compen-
sation structures are also different among differ models. 
For example, in Vellinga and Wu (2008) (VW08) the com-
pensation is very efficient at low latitudes and near com-
plete at the equator, but is incomplete farther north across 
the northern midlatitude storm tracks. The maximum AHT 
change occurs right on the equator while the maximum 
OHT change occurs near the 20°N. In Zhang and Delworth 
(2005) (ZD05) the compensation situation is similar to that 
in VW08, but the maximum AHT change occurs around 
15°–20°N. The overcompensation of AHT to OHT is 
insignificant in VW08 and ZD05, but significant in Zhang 
et al. (2010) due to strong cloud feedback in the trop-
ics. In Cheng et al. (2007) (CBC07) the compensation is 
quite good from the low latitudes to 40°N. The maximum 
changes in AHT and OHT occur around 20°–30°N. Instead 
of overcompensation, there is a weak (strong) undercom-
pensation in the tropics (poleward of 40°N).
These modelling studies suggest that the BC remains an 
open question because of the fundamental controversies on 
its applicability. The most serious problem is that currently 
the BC has not been validated from the observations. Even 
the data are available, the direct calculation of ocean and 
atmosphere heat transports from velocity and temperature 
fields would contain big errors, which might be even bigger 
than the absolute values of AHT and OHT (Wunsch 2005) 
and may result in practical infeasible to validate the BC in 
the real world. However, the relationship between changes 
of the AHT and OHT is deserved to explore extensively 
and thoroughly, because it might suggest some fundamen-
tal mechanisms in maintaining the stability of the Earth’s 
climate. Furthermore, it could help to understand the so-
called reversibility of climate change after sudden big natu-
ral disasters or anthropogenic forcing.
A coupled climate model is used in this work to study 
the BC. Different from previous studies, this work investi-
gates the wind effect on the changes of the MHT. A series 
of wind perturbation experiments are performed to exam-
ine how the wind change affects the wind-driven and ther-
mohaline circulations and thus the OHT; and how the oce-
anic changes in turn affect the atmosphere circulation and 
the AHT. In the coupled model system, all heat transport 
components in the atmosphere and ocean are calculated 
directly from the velocity and temperature (Yang et al. 
2014a). This work focuses on the equilibrium response. 
The transient changes in the MHT will be studied in our 
next work.
It is found that changes in AHT and OHT compensate 
very well in the mid-low latitudes when altering the ocean 
surface wind stress. This is different from previous studies, 
in which the BC is valid only in either the tropics (Vellinga 
and Wu 2008) or the high latitudes Atlantic (Shaffrey and 
Sutton 2006; Swaluw et al. 2007). In the wind experiments, 
the TOA flux remains nearly unchanged. Both the wind-
driven and thermohaline circulations are weakened rapidly 
in response to the change in surface winds. The tropical 
(extratropical) oceans are warmed (cooled) due to the slow-
down of poleward OHT. The atmospheric Hadley cell (HC) 
is thus enhanced and transports more heat poleward, com-
pensating the decreased OHT. The good compensation in 
the tropic should be attributed to the cloud feedback, which 
affects the shortwave (SW) and longwave (LW) radiation 
at the TOA oppositely. Several other compensation changes 
are also identified in this work. For example, for the OHT 
components, the changes in the Eulerian mean and Bolus 
OHT are compensated with each other in the Southern 
Ocean. For the AHT components, the changes in the dry 
static energy (DSE) and latent energy transports are com-
pensated within the tropics (30°N/S). In the extratropics, 
the changes in the mean and eddy DSE transports show 
a perfect compensation. An very important finding is that 
this work shows how the Earth’s climate is trying to main-
tain the balance between two hemispheres: the ocean in the 
Northern Hemisphere (NH) is colder than that in the South-
ern Hemisphere (SH) due to the much reduced northward 
heat transport cross the Equator in the Atlantic, therefore, 
the atmosphere responds to the ocean with colder tempera-
ture in the SH than in the NH by transporting more heat 
northward cross the equator over the Pacific, in association 
with southward shift of the intertropical convergence zone 
(ITCZ). This is also identified in a recent work by Marshall 
et al. (2013).
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This paper is arranged as follows. The second section 
introduces the coupled model and experiments. The third 
section discusses the spin-up process of the model climate. 
The fourth section examines the equilibrium response in 
the mean meridional overturning circulations in both the 
atmosphere and ocean, and quantifies the different compo-
nents in the MHT and their changes. The fifth section sum-
marizes the compensation processes. The last section is the 
conclusion and discussion.
2  Model and experiments
The model used in this study is the Community Earth Sys-
tem Model (CESM, version 1.0) of the National Center for 
Atmospheric Research (NCAR). CESM is a fully coupled 
global climate model that provides state-of-the-art simula-
tions of the Earth’s past, present, and future climate states 
(http://www2.cesm.ucar.edu/). CESM1.0 consists of five 
components and one coupler: the Community Atmosphere 
Model (Neale et al. 2013), the Community Land Model 
(CLM4, Lawrence et al. 2012), the Community Ice CodE 
(CICE4, Hunke and Lipscomb 2008), the Parallel Ocean 
Program (POP2, Smith et al. 2010), the Community 
Ice Sheet Model (Glimmer-CISM) and CESM Coupler 
(CPL7). CESM1.0 has been widely used and validated 
by the community aerosols(http://journals.ametsoc.org/
page/CCSM4/CESM1).
The model grid employed in this study is T31_gx3v7. 
The atmospheric component CAM5 has 26 vertical levels, 
with the finite volume nominal 3.75° × 3.75° in the hori-
zontal. The CAM5 is essentially a new atmospheric model 
with more realistic formulations of radiation, boundary 
layer, and aerosols (Neale et al. 2013; Meehl et al. 2013). 
The General features of the model formulation are given 
by Neale et al. (2010, 2013). The CLM4 has the same 
horizontal resolution as CAM5. The ocean POP2 uses the 
grid gx3v7, which has 60 vertical levels. The horizontal 
grid has a uniform 3.6° spacing in the zonal direction and 
non-uniform spacing in the meridional direction. It is 0.6° 
near the equator, extending to the maximum 3.4° poleward 
of 35°N/S and then decreasing towards higher latitudes. 
The model physics is described in details in Danabasoglu 
et al. (2012). The sea ice component CICE4 has the same 
horizontal grid as POP2. No flux adjustments are used in 
CESM1.0.
In the CESM POP2, the physical transport terms are 
partitioned into resolved and unresolved components. The 
resolved component, such like Eulerian mean mass and 
heat transport, can be easily obtained using model output 
temperature and Eulerian mean velocities. The unresolved 
components, which results from meso-scale and submeso-
scale processes, are parameterized using well-recognized 
schemes. The meso-scale eddy transport is parameterized 
according to Gent and McWilliams (1990). The eddy-
induced advection coefficient varies in space and time 
(Danabasoglu and Marshall 2007). A variable coefficient 
provides a better representation of changes in eddy activ-
ity resulting from variable surface momentum forcing than 
a constant value (Long et al. 2013), allowing the model to 
more realistically capture the circulation response to chang-
ing winds, particularly in the Southern Ocean (Farneti and 
Gent 2011). Submeso-scale eddies is parameterized by the 
FFH scheme (Fox-Kemper et al. 2008, 2011), depicting the 
restratifying effect on the mixed layer.
Experiment analyzed in this paper includes a 2,000-year 
control run (CTRL) and three 500-year wind perturbation 
runs. The CTRL starts from the rest with standard configu-
rations (http://www.cesm.ucar.edu/experiments/cesm1.0/). 
The model climate as a whole reaches quasi-equilibrium 
after a 1,000-year integration (Yang et al. 2014a). In the 
wind perturbation runs, the sea surface wind stress in the 
ocean model is artificially reduced to one-tenth (0.1 W), 
one-third (0.3 W) and one-half (0.5 W) of its counterpart in 
the CTRL, respectively. The wind forcing to the ice model 
remains same as in the CTRL. The winds in the atmos-
phere model do not change artificially, but tend to change 
in response to the SST change, while the latter is mainly 
caused by the changes in the oceanic circulation. The wind 
experiments are parallel to the CTRL during year 1501–
2000, and reach quasi-equilibrium after a 500-year inte-
gration (Fig. 1). The monthly outputs are used for analy-
sis. The climate changes in the wind runs are obtained by 
subtracting the corresponding climate in the CTRL. In this 
paper we focus on the equilibrium responses, except other-
wise mentioned, the changes we analysed in this work are 
averaged over the last 200-year integration.
3  Transient responses in global climate
It is seen that the transient response time scale of the 
global overall climate to the weakening of the surface wind 
is around 50 years (Fig. 1). Thereafter the atmosphere 
appears to reach the equilibrium while the ocean tempera-
ture and salinity fields evolve slowly and linearly, reaching 
the quasi-equilibrium in about 500 years. The global upper 
ocean (0–1,000 m) becomes colder and fresher while the 
lower ocean (below 1,000 m) becomes warmer slightly 
(Fig. 1a, b). The equilibrium responses of the global mean 
surface ocean temperature and salinity are about −1.8 °C 
and −1.1 psu in 0.1 W run (−1.3 °C and −0.6 psu in 
0.3 W run, −0.8 °C and −0.3 psu in 0.5 W run, figures 
not shown). The colder global climate in the reduced wind 
experiments results from the less SW radiation received 
by the Earth (Fig. 1c), with significant cooling occurring 
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mainly in the mid-high latitudes. The fresher ocean is 
mainly due to the sea ice melting, which occurs mainly in 
the North Atlantic and results from the more sea ice output 
from the Arctic Ocean due to the reduced wind (Fig. 2b). 
These have been examined in details in Yang et al. (2014b).
The Earth’s climate as a whole is determined by the net 
radiation flux at the TOA, which reaches a quasi-equilib-
rium in about 50 years, roughly equal to the transient time 
scale of the global ocean (Fig. 1c). It is seen that the change 
in the net downward SW radiation and the net outgoing 
LW radiation at the TOA tend to be in phase in most lati-
tudes. That is, a decrease (increase) in the downward SW 
can be roughly compensated by a decrease (increase) in 
the upward LW, leaving a trivial change in the net radia-
tion flux. Conceptually, a decrease in the outgoing LW cor-
responds to a lower surface temperature, which can result 
in a larger planetary albedo (for example, more sea ice in 
the mid-high latitudes, Fig. 2b), and then a decrease in the 
net downward SW. The compensation effect between the 
LW and SW at the TOA leads to a reduced change in the 
net radiation flux, suggesting that the Earth’s climate as a 
whole tends to be steady.
The MHT of the Earth system also reaches quasi-equi-
librium at the same pace with the radiation flux at the TOA 
(Fig. 1d). The local balance of heat flux determines the MHT. 
Therefore, the timescale of MHT adjustment is also very 
short and well consistent with that of the net radiation flux 
in Fig. 1c. The OHT is calculated directly from the meridi-
onal velocity and potential temperature, while the AHT here 
is deduced from the difference of the net radiation flux at the 
TOA and the net surface heat flux over the ocean, which is 
not explicitly related to the ocean internal dynamics. It is seen 
that during the whole evolution period, the changes in the 






Fig. 1  Temporal evolutions of a the global mean oceanic tempera-
ture and b salinity changes averaged in different depth layer, c the 
net radiation flux change at the top of atmosphere (TOA) and d the 
meridional heat transport (MHT) change averaged in different lati-
tude bands in 0.1 W run. c The changes in the net downward short-
wave (SW blue), net upward longwave (LW red) and net radiation flux 
(SW plus LW black) are plotted. Positive values represent net down-
ward flux changes. d The total MHT of the Earth system (black), the 
AHT (red) and the OHT (blue) are obtained from the net radiation 
flux at the TOA, the net heat flux of the atmosphere and the oceanic 
velocity–temperature, respectively. All the changes are defined as 
the differences between the 0.1 W run and the CTRL over the same 
period. All data are applied by a 10-year running mean
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have significant negative correlation and compensate with 
each other to a great extent. There is also non-trivial under-
compensation between the AHT and the OHT in high lati-
tudes. The compensation problem is our focus in this work.
Both wind-driven and thermohaline circulations are 
weakened in the wind runs, while the atmosphere circula-
tion is enhanced. Figure 3 shows that both the subtropical 
cells (STCs) in the Indo-Pacific and the Atlantic meridional 
overturning circulation (AMOC) are weakened by nearly 
70 %, while the atmospheric HC in the tropics is enhanced 
by the similar magnitude. The compensation change in 
the atmosphere and ocean circulations occurs simply as 
follows: the weakening of ocean meridional overturning 
circulations results in less poleward ocean heat transport, 
which in turn leads to tropical warming and extratropical 
cooling. This enhances the poleward SST gradient and thus 
the atmosphere circulation. The response timescale of the 
STC is very short and comparable with that of heat flux. 
The AMOC timescale is much longer and more related 
to the evolution of the salinity. The HC timescale is even 
shorter than that of the STC. It is strengthened by 50 % in 
the first year, in response to the rapid change in the SST 
(Figure not shown), where the latter is in turn a result of the 
weakened ocean circulation. Note that in Fig. 3, the curves 
are normalized by the mean maximum values of the CTRL, 
so that the relative changes are clearly demonstrated. More 
detailed analyses will be presented in the later section.
The mechanisms for the AMOC change (Fig. 3) have 
been examined in details in Yang et al. (2014b). Briefly, 
when the wind-stress is reduced, the vertical convection 
and diffusion are weakened immediately, resulting in a salt 
deficit in the northern North Atlantic that prevents the deep 
water formation there. This triggers the AMOC reduction. 
As the AMOC weakens, the sea ice expends southward and 
melts (Fig. 2c), freshening the upper ocean that weakens 
the AMOC further. There is a positive feedback between 
the sea ice melting and AMOC weakening, which eventu-
ally results in the AMOC shutdown. The salinity advection 
from the south, however, plays a contrary role to the sea 
ice melting, salting the upper ocean in the North Atlantic 
between 40° and 60°N (Figure not shown). This is differ-
ent from previous studies (e.g., Timmermann and Goosse 
2004) which emphasize the important role of salinity 
advection from lower latitudes in the AMOC.
4  Equilibrium responses
4.1  Radiation balance at the TOA
The equilibrium changes in the net SW and LW at the 
TOA are within the 5–10 % of the total values in 0.1 W run 
(a) CTRL
(b) 0.1W - CTRL
Fig. 2  a Annual mean sea ice formation (colour psu/month), the sea 
ice velocity (vector cm/s) and the sea ice margin (red line) defined 
as the 15 % sea ice fraction in the Atlantic in the CTRL. The nega-
tive sea ice formation represents the sea ice melting, which has been 
transformed into the virtual salt flux by multiplying S0/(ρ0H), where 
S0 (35) is the reference salinity; ρ0 is the mean sea water density and 
H is the upper layer depth (30 m). b Their changes in 0.1 W run, the 














Fig. 3  The indexes of the Atlantic meridional overturning circu-
lation (AMOC black), the subtropical cell (STC blue) in the Pacific 
and the atmospheric Hadley cell (HC red). The AMOC (STC) index 
is defined as the maximum value of the streamfunction in the range 
of 0–10 °C (20–30 °C) isothermal level and 20°–70°N (30°S–30°N) 
in the Atlantic (Indo-Pacific). The Hadley cell index is defined in the 
range of 0°–15°N and between 200 and 1,000 hPa. The bold (thin) 
lines are for the CTRL (0.1 W run). All indexes are normalized by 
their time-mean maximum values in the CTRL, which are 21, 39 
and 93 Sv for the AMOC, STC and HC, respectively. Here 1 Sv is 
106 m3/s for the ocean and 109 kg/s for the atmosphere. A 10-year 
running mean is used to smooth the curves
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(Fig. 4). The net radiation flux change is even smaller since 
the compensation changes between the SW and LW. Fig-
ure 4 shows the zonal averaged radiation flux in the CTRL 
and their changes in 0.1 W run. In the low-mid latitudes 
(50°S–50°N), the compensation is nearly perfect, leaving the 
net radiation flux roughly unchanged (Fig. 4b). In this region, 
cloud feedback plays a dominant role in regulating the radia-
tion flux. In the latitude band of 20°–50°S/°N, a positive LW 
change (Fig. 4b) represents a reduced outgoing LW caused 
by the lower SST. More stratus clouds and more equator-
ward sea ice output from the polar region increase the plan-
etary albedo (Figure not shown), resulting in a less down-
ward SW. In the low latitudes (20°S–20°N), it is interesting 
to see the LW (and SW) change itself has different sign in 
the different sides of latitude 8°N. 8°N is the mean ITCZ 
latitude in the CTRL. The ITCZ shifts southward towards 
the equator in 0.1 W run in response to the higher SST on 
the equator. The outgoing LW is reduced (positive change) 
to the south because of an increase in mid-high clouds, as a 
result of stronger convection due to the higher SST. This also 
increases the albedo here and reduces the downward SW. To 
the north of 8°N the deep convection, and thus the mid-high 
clouds, is reduced due to the southward shift of ITCZ. This 
increases the outgoing LW (negative) and the downward 
SW. In general, the opposite change in the LW (SW) in the 
tropics is determined by the shift of ITCZ, which leads to 
nearly perfect compensation between the SW and LW at the 
TOA. Overall the global net radiation flux change is trivial. 
It is only 0.3 W/m2 in 0.1 W run, roughly about 0.1–0.3 % 
of the total values, much weaker than the net radiation 
change caused by the greenhouse gas change during the past 
100 years (around 1.6 W/m2) (IPCC 2007). We conclude that 
the overall Earth’s climate in the reduced wind runs does not 
change too much, however, significant changes may occur in 
the ocean and atmosphere components.
4.2  Changes in the MHT
The changes in the AHT and OHT are the main focus of 
this work. We will further delve into the mechanisms on 
the relationship between their changes. The mean MHT is 
briefed here first. The equilibrium Earth is maintained by 
nearly hemispherically antisymmetric MHT, with the peak 
poleward transport occurring around 40°N/S (Fig. 5a). The 
AHT dominates the MHT poleward of about 10°N/S while 
the OHT dominates in the deep tropics. These features are 
consistent with previous studies (e.g., Trenberth and Caron 
2001). In 0.1 W run, significant changes occur in both the 
AHT and OHT, with the peak change of around 1.4 PW. 
The OHT is reduced while the AHT is enhanced, exhibiting 
compensation feature in most latitudes (Fig. 5b). This leaves 
the total MHT change much suppressed, with a peak change 
of around 0.6 PW near 40°N. Specifically, in the tropics 
(30°S–30°N), there are good compensation between the 
changes in the OHT and AHT. The compensation rate (CR), 
defined as the residual of the ratio of the net MHT changes 
to the maximum changes in the OHT and AHT (Swaluw 
et al. 2007), reaches 80 % in the deep tropics (Fig. 5d). In 
the extratropics, the CR drops quickly from nearly 40 % in 
the 30°N/°S to nearly (even below) zero in the 40°N (40°S). 
In the high latitudes, the situation is more complicated. In 
the northern high latitudes the AHT change is small and has 
the same sign as the OHT change. In the southern latitudes 
of Antarctic circumpolar current (ACC), the CR peaks at 
60 %. In general, we see good compensation in the tropics 
and big undercompensation of the AHT to the OHT in the 
high latitudes, particularly in the NH. This work investigates 
both the compensation and un-compensation mechanisms.
The compensation change between the AHT and OHT 
is consistent with that between the atmospheric and oce-
anic overturning circulations shown in Fig. 3. Here the 
components of OHT are examined. It is seen that the 
OHT changes in the Indo-Pacific and Atlantic are compa-
rable (Fig. 5c). In 0.1 W run, the total OHT change peaks 









Fig. 4  a The net radiation flux (black), the net downward SW (blue) 
and net outgoing LW (red) at the TOA. Solid lines for the CTRL and 
dashed lines for 0.1 W run. b The changes of the TOA net radiation 
flux in 0.1 W run. Black, blue and red lines are for net total, SW and 
LW changes, respectively. The mean values from the CTRL have 
been subtracted. Unit: W/m2
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reduction occurs in the Indo-Pacific, representing a maxi-
mum 80 % reduction in the Indo-Pacific OHT (Fig. 5c). 
The remaining 0.5 PW reduction occurs in the Atlantic, 
which is almost equivalent to the shutdown of the Atlantic 
OHT. These reductions are consistent with the significant 
weakening of the STC and AMOC (Fig. 3). Actually, the 
Indo-Pacific (Atlantic) OHT can be roughly thought as the 
contribution by wind-driven (thermohaline) circulation. In 
0.1 W run, the OHT reduction in the tropics (0.8 PW) is 
mainly attributed to the change in wind-driven circulation. 
While in mid-high latitudes, the thermohaline OHT change 
(0.5 PW) dominates (Fig. 5c).
4.3  Changes in the ocean temperature, salinity and density
As a consequence of reduced OHT, the poleward tempera-
ture gradient is enhanced substantially, with the significant 
cooling off the equator and warming along the equator 
(Fig. 6a, b). The equatorial warming occurs mainly in the 
cold tongue region of the Pacific because of the ceasing of 
the upwelling there as a result of the termination of equato-
rial trade winds. The equatorial warm pool, instead, cools 
slightly because the termination of the westward surface 
warm water advection dominates against the less poleward 
Ekman transport. The zonal SST gradient is weakened, so 
is the Walker circulation (Fig. 12). In the off-equator, the 
SST cooling is due to the less poleward Ekman transport. 
In the high latitudes, the surface cooling can be significant, 
more than 8 °C cooling in the high latitudes North Atlantic 
in 0.1 W run. It is seen that the SST change in the NH is 
much stronger than that in the SH, showing an asymmetric 
pattern (Fig. 6b). This results from an asymmetric change 
in the OHT (Fig. 5c), and will further result in an asym-
metric change in the HC. The annual mean ascending lati-
tude of the HC is shifted southward from 10°N to around 
the equator. In addition, the HC becomes stronger due 
to enhanced poleward SST gradient, which furthermore 
enhances the baroclinicity in the atmosphere, resulting in 
more eddy activities and a poleward E–P flux and thus a 
stronger poleward AHT in 0.1 W run. We will have more 
discussions later.
The sea surface salinity (SSS) is also reduced remarkably 
throughout the whole ocean surface (Fig. 6c, d). Overall the 
ocean gains fresh water in the reduced wind experiments. The 
SSS is reduced by more than 6 psu in the North Atlantic in 
0.1 W run (Fig. 6d). This eventually determines the density 
in the high latitudes. The sea ice plays a key role here in the 
ocean freshening. The total sea ice melting to ocean is nearly 
doubled in 0.1 W run, increasing from 0.43 Sv in the CTRL 














Fig. 5  a The total MHT (black), AHT (red) and OHT (blue) in the 
CTRL (solid lines) and 0.1 W run (dashed lines) and b their changes 
in 0.1 W run. c The OHT in the CTRL (solid lines) and 0.1 W run 
(dashed lines). Black, red and blue lines are for the global ocean, the 
Atlantic and the Indo-Pacific, respectively. d The compensation rate 
between the changes in the AHT and OHT (unit: %), see text for defi-
nition
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melting results from the more equatorward ice transport from 
the high latitudes North Atlantic (Fig. 2b). The significant 
weakening in the ocean circulations results in more sea ice 
output to the lower latitudes and thus melting. The freshening 
in the poleward of 40°S is due to less saline water upwelling 
in the Southern Ocean. In the deep tropics 10°S–10°N, the 
freshening is mainly due to more precipitation, associated 
with the stronger convection due to warmer SST.
The surface density change shows a similar pattern to that 
of SSS (Fig. 6f). The high latitude freshening effect over-
comes the cooling effect on the density, resulting in a decrease 
in the surface density. In the deep tropics (10°S–10°N), 
the surface density reduces due to both the freshening and 
warming. In the subtropics (10°–30°N/S), the surface density 
increases slightly due to colder SST. In general, it is the sur-
face salinity change that eventually contributes to the weak-
ening of the AMOC and thus the reduced poleward OHT. 
This might imply a critical role of the hydrological cycle in 
the OHT, and further in the stability of the Earth energy bal-
ance. We will pursue this problem in our future work.
The changes in the ocean interior are also checked 
here. The strong surface cooling can penetrate down-
ward to 500 m. There is also strong warming occurring 
beneath the mean thermocline (Fig. 7a, b). In the trop-
ics the subsurface warming is caused by the weakening 
of the equatorial Ekman upwelling and surface Ekman 
Fig. 6  (Upper) b The mean sea 
surface temperature (SST, con-
tour, CI = 1 °C) in the CTRL 
and the SST change (color) in 
0.1 W run. a The zonal mean 
SST (black) and SAT (green) 
changes in 0.1 W run. (Middle) 
Same as the upper panels but 
for d the mean sea surface salin-
ity (SSS, contour, CI = 1 psu) 
and its change (color), as well 
as c the zonal mean SSS (black) 
and EMP (green mm/day) 
changes. (Lower) f the mean sea 
surface density (SSD, contour, 
CI = 1 kg/m3) and its change 
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divergence, as well as the downward displacement of 
the equatorial thermocline, consistent with the weaken-
ing of the STC and AMOC. The stronger warming in the 
Atlantic is due to the combined effect from both the STC 
and AMOC weakening. While in the Pacific the weaker 
warming is due solely to the STC (Yang and Wang 2011). 
In the subpolar region (40°–60°N) the warming is due to 
the baroclinic response (Chang et al. 2008). The surface 
cold water can not affect the subsurface due to the shut-
down of the AMOC. The subsurface ocean then warms 
due to the water column stretch. In general, the vertical 
temperature stratification in global oceans is weakened, 
which also contributes to the decrease of the OHT (Yang 
et al. 2013).
The density changes in the ocean interior (Fig. 7c, d) 
almost resemble the surface density changes (Fig. 6f), 
which is roughly barotropic kind. The density changes in 
the Atlantic and Indo-Pacific are similar. The extratropical 
density (30°N/S poleward) decreases significantly from the 
surface to around 500 m depth, which is mainly caused by 
the freshening in the upper oceans as discussed above. The 
meridional density gradient is thus weakened significantly. 
This is particularly clear in the Southern Ocean region 
(40°–80°S) (Fig. 7c, d), where the isopycnal levels become 
nearly flat in the upper ocean in 0.1 W run due to 2–3 kg/
m3 decrease. The meridional density gradient is closely 
related to the bolus overturning circulation associated with 
meso-scale eddies (Marshall and Radko 2003), which is 
opposite to the Eulerian mean overturning circulation. The 
flattening of the isopycnal level will reduce the bolus circu-
lation and thus the associated OHT.
4.4  Changes in the MOC and OHT
The MHT change is the central concern in this work. 
Here the ocean mass transport in the potential tempera-
ture–latitude space is examined first (Fig. 8), because 
the heat transport is eventually determined by the tem-
perature difference between the upper northward flow 
and lower return flow (Held 2001). The “net” meridional 
overturning circulation (MOC) (Fig. 8a) is the residual of 
the Eulerian mean circulation (Fig. 8b), the circulations 
caused by meso-scale (Fig. 7c) and submeso-scale eddies 
(Fig. 8d). Their physics have been discussed in details in 
many previous studies (Marshall and Radko 2003; Fox-
Kemper et al. 2008). The Eulerian mean MOC dominates 
(Fig. 8b). The bolus circulation is induced by mean buoy-
ancy gradient and parameterized by Gent–McWilliams 
scheme (Gent and McWilliams 1990). It is important in 
the ACC region and northern mid-latitudes subduction 
region (Fig. 8c), in association with the strong (weak) 
meridional (vertical) buoyancy gradient. The overturn-
ing circulation associated with submeso-scale eddies 




Fig. 7  The changes in a, b temperature (color °C) and c, d density (color kg/m3) in the Atlantic (left) and Ind-Pacific (right) in 0.1 W run, 
superimposed by the mean temperature and density (contours) in the CTRL
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depicts the restratifying effect on the mixed layer and is 
parameterized by the FFH scheme (Fox-Kemper et al. 
2008, 2011; Fox-Kemper and Ferrari 2008). The maxi-
mum of this term can be one-fifth of the Eulerian mean 
circulation in the mixed layer. In the temperature-latitude 
space, the wind-driven STC and AMOC are well sepa-
rated. The warm cells (the wind-driven) in both hemi-
spheres span the temperature ranging from 12 °C in the 
mid-latitude 40°–50°N/°S to near 30 °C at the equa-










Fig. 8  The mean mass stream function (color Sv) in (left) the CTRL and (right) the 0.1 W run in the potential temperature–latitude coordinate. 
The total mass stream function (a, e) is the residual of the Euler mean (b, f), the bolus (c, g) and the submeso-scale (d, h) components
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spans the temperature from 2 to 10 °C, which is mainly 
confined in the NH.
In 0.1 W run, all four components of the MOC are 
reduced significantly (Fig. 8e, f). The Eulerian mean cir-
culation is reduced by the 80 %, in which the wind-driven 
part is decreased from 32 to 8 Sv and the AMOC is reduced 
from 20 to <4 Sv. The bolus circulation is also reduced by 
80 % from the maximum 8 to <2 Sv, as a result of the flat-
tening of the isopycnal level in the Southern Ocean. A simi-
lar situation occurs to the mixed layer submeso scale cir-
culations, which is due to the weakening of wind-induced 
vertical mixing.
Consequently, the changes in the OHT components 
can be quantified here. They are determined by the 
changes in the MOC components. Both the Eulerian 
mean OHT and bolus OHT are reduced significantly as 
expected. The poleward OHT is however sustained by 
the dissipation OHT in most latitudes. As seen before, 
the total OHT reduction peaks about 1.3 PW near 20°N 
(Fig. 5b). Although the ocean circulations are weakened 
by more than 80 %, the remaining OHT is still remark-
able in 0.1 W run. It still has around 0.5 PW poleward 
heat transport left in the SH. Figure 9 shows the OHT 
and its components in different basins in the CTRL and 
0.1 W run. The total OHTVT is the sum of advective 
(OHTADV) and dissipation (OHTDiff) heat transport, in 
which the OHTADV includes contributions from Eule-
rian mean circulation OHTEul, mesoscale eddies OHTBol, 
submeso-scale eddies OHTSub. The OHTSub is too small 
(not plotted in Fig. 9) since it is within the mixed layer 
where the temperature is nearly uniform. The OHTADV 
eventually consists of OHTEul and OHTBol. The OHTEul 
(blue, Fig. 9a) can represent the OHTVT very well in 
most regions, except that in the Southern Ocean both the 
OHTBol and OHTDiff are however significant, consist-
ent with the sharp poleward temperature gradient. It is 
noticed that in this region, in association with the strong 
northward Ekman flow driven by furious westerlies, the 
OHTEul is northward with the peak value of 0.3 PW, 
while the OHTBol and OHTDiff are southward, with the 
peak values of −0.3 and −0.4 PW respectively, revers-
ing the OHTEul and eventually determining the poleward 
heat transport (Fig. 9a). In 0.1 W run, the OHTDiff is 






Fig. 9  (Upper) The mean meridional OHT (PW) in a the global 
ocean, b the Indo-Pacific and c the Atlantic in the CTRL. The total 
OHT (solid black) is decomposed into the contributions from the 
Euler mean current (blue), the bolus cell (red) and the dissipation 
(green). (Lower) d–f Same as the upper panels but for those in 0.1 W 
run
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in transporting heat poleward (Fig. 9d). The OHTEul is 
weakened substantially and the OHTBol nearly disap-
pears. Notice that the OHTEul still has about 0.4 PW left 
at 10°S (Fig. 9d, e), which is due to the remaining STC 
in the southern Indo-Pacific (Fig. 8e, f). It is further seen 
that in the reduced wind world, the Indo-Pacific plays a 
more significant role in poleward heat transport (Fig. 9e, 
f). For the detailed calculation of the OHT components, 
please refer to Yang et al. (2014a).
4.5  Changes in atmosphere static energy, mass transport 
and water vapour transport
Before discussing the AHT change, we first examine the 
atmosphere energy and mass transport separately. The 
atmosphere moist static energy (MSE), the DSE and spe-
cific humidity are shown in Fig. 10a. The MSE is repre-
sented by the moist potential temperature, which includes 









Fig. 10  (Left) The mean moist potential temperature (solid line K), 
dry potential temperature (dashed line) and specific humidity (color 
g/kg) in a the CTRL and c 0.1 Wrun, as well as e their changes in 
0.1 W run. (Right) The mean atmospheric meridional mass stream 
function (contours 109 kg/s) and water vapour transport (color 
109 kg/s) in b the CTRL and d 0.1 W run, as well as f their changes 
in 0.1 W run
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related to the water vapour and the geopotential energy 
(Czaja and Marshall ). The DSE excludes the latent energy. 
It is seen that in the tropics (within 30°N/S) the MSE is 
nearly vertically homogeneous below 200 hPa because of 
the strong water vapour latent heat release (Fig. 10a). The 
difference between MSE and DSE suggests the contribu-
tion of the moisture to the tropical heating, which is over 
30 K in the lower atmosphere (below 800 hPa) and 10 K in 
the upper layer (above 750 hPa). It is well-known that the 
tropical ocean provides the most water vapour to the atmos-
phere, which supplies the lower tropical atmosphere with 
more than 10 g moisture for 1 kg atmosphere (Fig. 10a). 
The moisture effect on the potential temperature diminishes 
toward the high latitudes (poleward of 30°N/S) as well as 
the top of troposphere.
The mass transport and water vapour transport are 
shown in Fig. 10b. The mean meridional mass transport, 
represented mostly by the HC, is opposite to the water 
vapour transport in direction, with the magnitude of the 
former about 100 times of the latter. The water vapour is 
transported by the equatorward convergent flow in the 
lower troposphere, that is, the lower branch of the HC in 
the tropics, enhancing the tropical convection through the 
latent heat release. It is worth noting that although the 
water vapour mass transport is two-order smaller in mag-
nitude than total air mass transport, the water vapour is 
100 times more efficient than dry air in transporting heat 
(Huang 2005). One kilogram of water vapour can deliver 
2.5 × 106 J of heat (the latent heat content of water vapour 
Le ~ 2.5 × 106 J/kg), but one kilogram of air (water) can 
only release 104 J (4.18 × 104 J) of heat for a 10 °C cool-
ing. This makes the atmospheric latent energy transport 
significant in the climate system. The water vapour trans-
port in Fig. 10 is directly calculated based on the model 
output of vq. In the tropics it is accomplished by the mean 
circulation (i.e., the HC), while in the extratropics (pole-
ward of 25°N/S) it is fulfilled mostly by the eddy activi-
ties, because the v in the vq represents mainly the HC in the 
tropics and then eddies in the extratropics. It is seen that the 
mean water vapour transport in the tropics is opposite to 
and also much weaker than the eddy water vapour transport 
in the extratropics (Fig. 10b).
The atmospheric becomes drier and its baroclinicity 
becomes stronger in 0.1 W run (Fig. 10c, e). These changes 
are very clear in the off-equator, where the lower atmos-
phere is about 20 % drier and the atmospheric baroclinic-
ity (∂T/∂y) is enhanced by more than 30 %. This implies 
that the poleward latent heat transport will be decreased in 
the extratropics while the poleward eddy heat transport will 
be enhanced. Figure 10e shows the changes in the atmos-
pheric potential temperature and the specific humidity in 
0.1 W run. The stronger convection at the equator increases 
the humidity from the surface to the upper troposphere, but 
this is constrained within 5°N/S of the equator. Where else 
the water vapour decreases significantly, consistent with the 
colder SST that reduces the evaporation. The lower level 
atmospheric temperature is reduced by as much as 10 K in 
the mid-high latitudes, which at the same time enhances the 
atmospheric baroclinicity greatly. The HC is enhanced by 
80 % and its ascending branch shifts southward to the equa-
tor (Fig. 10d, f) in 0.1 W run, showing a more symmetric 
structure in the atmospheric circulation. Consequently, the 
equatorward water vapour transport is enhanced. The eddy 
water vapour transport in the mid-high latitude is weakened 
slightly (Fig. 10f).
4.6  Changes in the AHT
The change in the AHT can be considered as the integral 
projection of those atmospheric changes discussed above. 
Compared to the CTRL, in 0.1 W run the poleward mean 
(eddy) DSE transport is enhanced by as much as 60 % 
(40 %) in the tropics (midlatitudes). And the equatorward 
LE transport is more than doubled. Figure 11 shows the 
components of AHT and their changes. The detailed cal-
culations of these components can be found in our recent 
paper (Yang et al. 2014a). In Fig. 11a–c, the AHT is decom-
posed into DSE transport (AHTDSE) and LE transport 
(AHTLE). In the deep tropics within 20°N/S, the AHTLE 
acts against the AHTDSE, reducing the heat loss towards 
high latitudes (Fig. 11a, b). Consistent with the mass trans-
port shown in Fig. 10b and d, the equatorward AHTLE car-
ried by the lower branches of the HC converges at the lati-
tude of ITCZ. In the tropics, the AHTLE under-compensates 
the AHTDSE, while in the mid-high latitudes (30°–60°N/S) 
the AHTLE acts together with the AHTDSE, contributing as 
much as one second of the total poleward AHT (Fig. 11a, 
d), particularly in the SH where the peak AHTLE (2 PW) is 
about twice of the global OHT at the same latitudes, sug-
gesting the critical role of the water vapour in the Earth 
heat balance. In 0.1 W run, both the poleward AHTDSE and 
equatorward AHTLE increase significantly, which mainly 
occur in the NH with the peak AHTDSE (AHTLE) enhanced 
by 3.0 PW (2.0 PW) in the deep tropics (Fig. 11c). Much of 
them are cancelled with each other, leaving the net change 
of 1.0 PW in the poleward AHT. It is seen that the com-
pensation changes in AHTDSE and AHTLE occur almost in 
all latitudes, although they are of a same sign in some lati-
tudes. These changes are consistent with the discussion in 
Fig. 10. In general, due to the southward shift of the ITCZ, 
the peak changes in AHT components occur right on the 
previous latitude of ITCZ. Consistent with the new ITCZ 
position, the atmosphere has to increase the northward 
heat transport, to compensate the heat loss in the NH due 
to the less northward OHT (Marshall et al. 2013). This 
also explains the asymmetric changes in the SST and SAT 
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shown in Fig. 6c. The SST cooling in the NH is bigger than 
that in the SH due to the overall southward OHT anomaly, 
while the SAT drops more in the SH than in the NH due to 
northward AHT anomaly. This can be seen more clearly in 
Fig. 13a.
The eddy AHT change dominates the poleward AHT 
anomaly in the mid-high latitudes (Fig. 11f), which is 
caused by the enhanced baroclinicity as shown in Fig. 10e. 
It is well-established that the mean circulation dominates in 
the tropics and eddies dominates in the mid-high latitudes 
(Fig. 11d, e). The eddy LE transport AHTELE is always 
poleward. It is small and opposite to the mean LE transport 
AHTMLE in the tropics. The AHTELE increases towards the 
higher latitudes, exceeds the AHTMLE poleward of 30°N/S 
and peaks at around 40°N/S. The eddy DSE transport 
AHTEDSE is nearly zero in the tropics and increases rapidly 
towards the higher latitudes, in accompany with the rapid 
diminishing of the mean DSE transport AHTMDSE. The 
AHTEDSE accounts to more than 50 % (80 %) of the total 
AHT in the NH (SH) mid-latitudes. Here the eddy trans-
port includes those from both the stationary waves and 
transient eddies. The detailed calculations of these terms as 
well as the analyses can be found in Yang et al. (2014a). In 
0.1 W run, the eddy contribution to the AHT comes mainly 
from the AHTEDSE while the AHTELE is hardly changed 
(Fig. 11f). The enhanced AHTEDSE is due to the stronger 
baroclinicity as shown in Fig. 10e. The negligible change 
in the AHTELE is due to drier lower atmosphere, despite the 
stronger eddy activities. It is interesting to see the changes 
in the AHTEDSE and AHTMDSE tend to compensate with 
each other in the off-equator (20°N/S poleward), which 
makes the total AHT changes in the extratropics negligible. 
And this eventually results in under-compensation to the 
OHT change (Fig. 5b).
4.7  Changes in the ITCZ and atmosphere circulations
The equatorward shift of ITCZ position in 0.1 W run is 
illustrated clearly in Fig. 12. This shift occurs mainly in the 
Pacific. Figure 12 shows the surface pressure and winds as 
well as the geopotential height and winds on the 200 hPa 




Fig. 11  The AHT (PW) calculated directly from the velocity and 
temperature. a, d Are for the CTRL, b, e are for 0.1 W run, c, f are 
for the changes in 0.1 W run. a–c The total AHTVT (black) is decom-
posed into the dry static energy (DSE) transport (AHTDSE red) and 
latent energy (LE) transport (AHTLE blue). d–f The AHT is further 
decomposed into the mean DSE (AHTMDSE solid red), the eddy 
DSE (AHTEDSE dashed red), the mean LE (AHTMLE solid blue) 
and eddy LE (AHTELE dashed blue)
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position is defined as the latitude of the maximum con-
vergence (divergence) of the surface wind (200 hPa wind) 
(Philander et al. 1996). The green dots in Fig. 12 show the 
ITCZ position. In 0.1 W run, the wind converges (diverges) 
right at the equator on the surface (200 hPa) (Fig. 12b, d). 
The surface pressure shows asymmetric changes. In the NH 
ocean surface, the Subtropical High is enhanced and both 
the Aleutian and Polar Lows are weakened in response to 
the strong cooling in the SST. In the SH ocean surface, the 
pressure is general lowered.
The AHT change occurs mainly over the tropical 
Pacific and extratropical Atlantic. This is deduced from 
the changes in the surface winds and pressure, which pro-
vide clues on the relative roles of the different basins in 
the global AHT change (Fig. 12b). In response to the SST 
change, the change in surface winds is strongest over the 
tropical Pacific within 20°N/S and the change in surface 
pressure is strongest over the high latitudes Atlantic. This 
suggests that the AHT change associated with the HC shift 
occurs mainly over the tropical Pacific, and that associ-
ated with stronger eddy activities occurs mainly over the 
North Atlantic. This can be further confirmed by the net 
heat flux change in the Atmosphere (Figure not shown), 
which illustrates two important regions: one is located 
in the eastern tropical Pacific (cold tongue region) with a 
maximum change of 80 W/m2; the other is located over 
the North Atlantic (50°–70°N) with a −80 W/m2 change. 
This enhances our fundamental understating on the ocean 
basin in the global atmospheric heat budget. Furthermore, 
the atmospheric change over the tropics appears to be baro-
tropic-like, since the wind change in the upper troposphere 
is similar but of opposite sign to that over the surface 
(Fig. 12b, d). The change in eddy activities over the North 
Atlantic is mainly contained in the lower troposphere, 
which is consistent with the strong baroclinic change in 




Fig. 12  (Left) The mean surface wind (vector, m/s) and surface pres-
sure (contour, hPa) in a the CTRL and b their changes in 0.1 W run. 
(Right) c, d Same as the left panels but for 200 hPa wind and geo-
potential height (10 m). a–d The location of ITCZ is marked as the 
green dots, which is defined as the location of the maximum conver-
gence (divergence) of the surface winds (200 hPa winds). The wind 
changes <1 m/s in b and 2 m/s in d are not plotted
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height over the 200 hPa is generally lowered in response to 
the overall cooling in the SST. In addition, Fig. 12b and d 
also illustrate a weakening in the zonal Walker Circulation, 
with a stronger anomalous convergence (divergence) over 
the eastern equatorial Pacific surface (200 hPa) in 0.1 W 
run, in accompany with the warming SST there and thus 
the enhanced HC.
5  Compensation and un‑compensation
Several compensation changes are identified in this work. 
First of all, for the Earth’s climate as a whole, the changes 
in the SW and LW at the TOA tend to be compensated. 
This compensation is nearly perfect in the mid-low lati-
tudes within around 40°S–40°N (Fig. 4b), where the cloud 
plays a critical role (will be discussed later in Fig. 14). Sec-
ond, the AHT and OHT in general have good compensation 
changes in the same latitudes, particularly in the deep trop-
ics (Fig. 5b, d). Third, for the different components of OHT, 
the changes in the Eulerian mean and Bolus OHT are com-
pensated with each other in the Southern Ocean (Fig. 13b), 
since stronger wind driven Ekman transport is associated 
with stronger meridional density gradient (stronger Bolus 
circulation) and vice versa. Fourth, for the different com-
ponents of the AHT, the changes in the DSE and LE heat 
transports are compensated within the tropics (30°N/S), 
because stronger HC means the stronger equatorward con-
vergence of the water vapour (Figs. 10f, 11c). Fifth, in the 
extratropics, the changes in the mean and eddy DSE trans-
ports show perfect compensation (Fig. 11f), as a result of 
the equatorward shift of the Ferrell Cell and enhancement 
of atmospheric baroclinicity in the mid-high latitudes, par-




Fig. 13  a The zonal mean SST (black) and SAT (green) changes in 
0.1 W run. The meridional mean values are removed for better show-
ing the meridional temperature gradient. b The Euler mean (solid 
blue) and the bolus OHT (dashed blue) changes in 0.1 W run. c Same 
as b but for AHTVT (solid black), AHTMDSE (solid red), AHT-





Fig. 14  Mean cloud (contour, CI = 0.1) in the CTRL and cloud 
changes (color) in 0.1 W run. a For the zonal averaged clouds, b for 
the clouds along 10°N and c for the clouds along 2°S
1467A coupled climate model
1 3
the NH extratropics appears to be partially compensated by 
the eddy AHT (Fig. 13c). This confirms the critical role of 
the atmospheric eddies (both stationary and transient) in 
maintaining energy balance in high latitudes. Nakamura 
et al. (1994) have proposed a positive feedback between 
the meridional atmospheric transport of moisture and the 
high latitude thermohaline circulation (the so-called EMT 
feedback), in which the partial compensation between the 
eddy AHT and the OHT is suggested. An increase in the 
northward fresh water transport reduces the high latitude 
sinking and thus the OHT, which in turn will increase the 
meridional temperature gradient and the baroclinic eddy 
transport. Seventh, this is the most important one, we have 
seen how the Earth’s climate is trying to maintain the bal-
ance between two hemispheres (Fig. 13a): the ocean in the 
NH is colder than that in the SH due to the much reduced 
northward heat transport cross the Equator in the Atlantic, 
therefore, the atmosphere responds to the ocean with colder 
temperature in the SH than in the NH by transporting more 
heat northward cross the equator over the Pacific, as sug-
gested by changes in the SST (Fig. 6a), the winds and pres-
sure (Fig. 12b, d) as well as the net atmospheric heat flux 
(Figure not shown). We re-plotted Fig. 6a in Fig. 13a, in 
which the global mean SST and SAT are removed. So that 
the relative temperature change in the NH versus SH can be 
exhibited better. Figure 13a shows clearly the colder SST 
(SAT) in the NH (SH), as well as stronger meridional SST 
(SAT) gradient in the NH (SH).
The undercompensation (overcompensation) between 
the AHT and OHT changes is obvious in the extratrop-
ics (Fig. 5d). From the point of view of Earth’s radiation 
energy balance (Fig. 4b), the outgoing LW heat flux in the 
NH high latitudes is weakened too much due to the dra-
matic temperature decrease, which cannot be compen-
sated by the decrease in the downward SW, because here 
both the albedo and cloud change little. Although the sea 
ice increases its coverage toward the lower latitudes in the 
reduced wind run, the albedo in the high latitudes hardly 
changes. The cloud is also little altered (Fig. 14) because of 
few water vapour in the high latitudes. The sea ice albedo 
or the planetary albedo is one of the key factors in affecting 
the fundamental energy balance of the Earth (Stone 1978). 
Situation is different in the SH high latitudes. This occurs 
mainly in the ACC region, the area it is almost covered 
entirely by the sea ice in 0.1 W run, resulting in a much 
bigger decrease in the downward SW than that in the NH, 
because the sea surface area is much larger in the ACC than 
that in the North Atlantic. The Earth’s energy re-balance 
shown in the Fig. 4 is the result, not the reason of the global 
MHT readjustment shown in Fig. 5.
From the point of view of dynamical change in the atmos-
pheric and oceanic circulations, the undercompensation of 
the AHT to the OHT in the NH is due to big changes in the 
atmospheric Ferrell Cell (Fig. 10b, d, f). The heat transport 
by the Ferrell Cell tends to be out of phase with the eddy 
heat transport. This is true for both the mean state and their 
changes in the reduced wind run (Figs. 11d–f, 13c). The 
increase in the atmospheric eddy activities is offset by the 
change due to the Ferrell cell, resulting in an undercom-
pensation of the AHT to the OHT decrease (Fig. 13c). In 
fact, the enhancement of the Ferrell Cell is connected to the 
equatorward shift of the ITCZ, that is, the HC. Therefore, 
the changes in the tropical atmosphere also play roles in 
the undercompensation of the AHT to the OHT in the NH 
mid-high latitudes. In the SH mid-high latitudes, however, 
the AHT change over-compensates the OHT change. This 
attributes to the big decreases in the Eulerian mean OHT as 
well as the bolus OHT in the ACC region. The atmosphere 
still feels the strong ocean surface cooling and responds with 
enhanced baroclinicity and thus stronger southward eddy 
AHT (Fig. 13c), which is not offset by the mean AHT change 
since the Ferrell Cell is roughly unchanged (Fig. 10f).
This paper focuses on the compensation. Since both the 
mean MHT and their changes in the high latitudes are small, 
the compensation issue itself over there is not that critical. 
We have seen that the MHT changes at the 40°N/S poleward 
are less than one-third of those in the tropics even in our 
extreme no-wind experiment. We have also seen the consist-
ent pictures between the dynamical changes in the atmos-
phere and ocean circulations and the changes in the Earth’s 
radiation budget in the un-compensation region. The less 
heat gain due to less poleward heat transport results in the 
less heat loss out of space. In the tropics, the good compen-
sation should also be attributed to the clouds, which tends to 
affect the SW and LW oppositely, mitigating the poleward 
AHT change by enhancing the equatorward LE transport.
Finally the detailed cloud changes are examined in 
Fig. 14. The cloud amount increases over the equator and 
decreases along the 10°N (Fig. 14a), as a result of the 
southward shift of the ITCZ. Figure 14b further shows that 
it is the high cloud that decreases the most, which occurs 
mainly in the central-western Pacific of northern equa-
tor. The high cloud increase occurs mainly in the eastern 
Pacific to the south of equator (Fig. 14c). This is consistent 
with the weakening of the Walker circulation (Fig. 12). In 
the subtropics, the cloud change is trivial. In the high lati-
tudes, the low cloud is generally reduced (Fig. 14a).
6  Conclusions and discussions
A coupled climate model is used in this work to study the 
wind effect on the MHT. Special interests are paid on the 
so-called BC between the changes in the OHT and AHT. 
The equilibrium responses are examined in this work. Fig-
ure 15 summarizes the main mechanisms that are involved 
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in the compensation processes. The wind reduction can 
shut down both the STC and AMOC, resulting in decrease 
in the poleward OHT. The SST responds with significant 
warming in the equator and cooling off the equator, which 
feeds back to the atmosphere and causes an equatorward 
shift and enhancement in the HC. This in turn increases 
the poleward AHT, compensating the decrease of the pole-
ward OHT. The total MHT of the global system remains 
nearly unchanged. This compensation suggests a funda-
mental constraint in the changes of ocean–atmosphere 
energy transport. In this work we also see the undercom-
pensation (overcompensation) between the AHT and OHT 
changes in the extratropics. Since both the mean MHT 
and their changes in the mid-high latitudes are small, the 
compensation issue itself over there is not critical. The 
MHT changes at the 40°N/S poleward are less than one-
third of those in the tropics even in our extreme no-wind 
experiment.
The opposite change in the atmospheric and oceanic 
meridional circulations is one of the key mechanisms to 
contain the Earth’s climate variability. In this work the 
ocean meridional circulation changes, including both the 
STC and the AMOC, are mainly determined by the dynam-
ical changes in the Ekman pumping, the Ekman advection 
as well as the sea ice advection in the mid-high latitudes. 
We also see that the salinity change determines the density 
change in the extratropics and eventually plays an impor-
tant role in the AMOC change. This implies a critical role 
of hydrological cycle in the global energy adjustment. The 
ocean cooling in the high latitudes in response to the weak-
ening of surface wind forcing tends to increase the density 
in the high latitudes. So the salinity decrease has to play 
a critical role in the AMOC weakening. Otherwise, the 
AMOC could be enhanced, and the changes in the AHT 
and OHT would be in phase instead of out of phase. There 
would be no so-called BC, and thus the global climate may 
drift dramatically due to lack of this restoring mechanism 
in the global energy adjustment. The salinity change in the 
high latitudes can be caused by the changes in the meridi-
onal salinity advection associated with the AMOC, the sea 
ice melting/formation, river runoff and the fresh water flux 
due to evaporation minus precipitation. The detailed mech-
anisms are examined in Yang et al. (2014b).
The good compensation between the AHT and OHT 
changes in the tropics should be also attributed largely to 
the good cloud feedback there. The big temperature change 
in the tropics causes dramatic change in the atmospheric 
convection and thus the clouds, which affects the SW and 
LW oppositely and tends to maintain the stability of the net 
radiation flux at the TOA. This ensures the perfect out of 
phase change in the AHT and OHT (Bjerknes 1964). Koll 
and Abbot (2013) have shown that the cloud feedback is 
critical for maintaining constant equatorial SST as OHT 
changes. We show in this work that the cloud feedback is 
critical for maintaining the constant net radiation flux at 
the TOA in the tropics, even with big SST change. In the 
mid-high latitudes, the cloud feedback is very weak so that 
the compensation in the OHT and AHT is imperfect. Cloud 
feedback is a critical stabilizing factor for the Earth’s cli-
mate. We will further the study in our next work.
The atmospheric eddies play very important roles in 
energy balance in the mid-high latitudes. Without eddies’ 
contributions, the energy deficit will be much severer. This 
also suggests a critical role of the atmospheric eddies in 
maintaining the high latitude Earth’s climate stability, par-
ticularly the activities of eddies over the North Atlantic 
(Nakamura et al. 1994). By examining the changes in the 
atmospheric wind and pressure, we have found clues on 
the relative roles of the different ocean basins in the global 
atmospheric energy transport. The AHT change occurs 
mainly over the tropical Pacific and extratropical Atlantic, 
which are related to the mean circulation in the tropics and 
eddies’ activities in the mid-high latitudes, respectively. In 
this work, the atmospheric eddies’ contributions may be 
underestimated since the monthly data is used and the eddy 
AHT is obtained as the residual of the total AHT minus the 
mean AHT. This may also contribute to the un-compensa-
tion between the AHT and OHT changes. The role of eddies 
in global energy balance is worth investigating further.
This work focuses only on the equilibrium response 
in the global energy adjustment, providing the detailed 
analyses on 0.1 W run. The 0.3 and 0.5 W runs have the 
similar results that are not shown here for simplicity. Our 
next work is to explore the transient response of the AHT 
and OHT, in which we may disclose the interaction mech-
anism between the STC in the Pacific and the AMOC in 
Fig. 15  Schematic diagram 
showing the main mechanisms 
that are responsible for the com-
pensation between the changes 
in the AHT and OHT
AHT
Enhanced
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the Atlantic. Thus the roles of different ocean basins in the 
different stages of the climate change will be illuminated. 
Ensemble wind perturbation experiments focusing on the 
transient responses have been performed and the thorough 
analyses are underway.
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